Hydrous melting driven by changes in H 2 O storage capacity may occur in a variety of settings in the mantle, including in oceanic basalt sources and in deeper regions above and below the transition zone. The 50-200 ppm H 2
INTRODUCTION
Cycling of H 2 O between the mantle and the exosphere and between different reservoirs in the mantle is one of the critical processes governing Earth's geodynamical and geochemical evolution. However, the distribution and inventory of H 2 O in the mantle remains uncertain and the mechanisms of transport between principal mantle reservoirs are not fully known. The total H 2 O stored in Earth's mantle is poorly constrained, with estimates from about a quarter the mass of H 2 O in the world's oceans to ∼4 ocean masses (Ringwood 1975 , Ahrens 1989 , Jambon & Zimmermann 1990 , Bolfan-Casanova et al. 2003 . The distribution of H 2 O in the mantle may be heterogeneous on a large scale, but apart from the upper mantle, there is considerable ambiguity regarding concentrations of H 2 O in Earth's interior. Narrowing uncertainties in the inventory of H 2 O in the different portions of the mantle remains among the chief challenges to understanding the global deep H 2 O cycle.
In the mantle H 2 O may be stored in solid minerals or present as hydrous fluids or melts. Such hydrous fluids are critical agents of mass transfer and mantle differentiation. Cycling of elements between the mantle and the crust is influenced by the loci of melting in basalt source regions (Figure 1 ), which in turn are strongly affected by H 2 O (Hirth & Kohlstedt 1996 , Ito et al. 1999 . Further, deep hydrous melting may play a principal role in redistributing elements between different large-scale reservoirs in the mantle (Bercovici & Karato 2003) Possible regions of hydrous melting in the mantle. Shaded regions show possible loci of hydrous melting in the mantle discussed in the text: (a) melting in mantle wedges above subduction zones, (b) melting in the deeper portions of OIB source regions, (c) melting in the deeper portions of MORB source regions, (d ) pervasive melting above the 410 km discontinuity, (e) melting in localized upwellings above the 410 km discontinuity, and ( f ) melting in downwellings below the 670 km discontinuity. Residues from melting in regions (a), (b) , and (d ) have been suggested as possible principal sources of the upper mantle (see text). At right is a schematic view of the H 2 O storage capacity as a function of depth.
OIB: oceanic island basalt 2002
). The source of normal MORB is a global layer in the shallow oceanic mantle and is characterized by distinctive depletions in certain trace elements and radiogenic isotopes (e.g., Zindler & Hart 1986) , and so this 50-200 ppm is likely to be a good estimate of the concentration of H 2 O in the upper mantle, apart from mantle wedges above subduction zones and those regions that have been affected by plumes.
Geochemical studies of oceanic island basalts (OIBs) and oceanic plateaux (Dixon et al. 1997 Jamtveit et al. 2001; Hauri 2002; Nichols et al. 2002; Wallace et al. 2002; Seaman et al. 2004) and from MORB that incorporate a component from a plume-associated source suggest H 2 O concentrations in plume sources ranging from 300-1000 ppm. These studies suggest that the mantle has one or more H 2 O-rich reservoirs that feed plume-related magmatism. These reservoirs are conventionally assumed to reside in the lower mantle or the core-mantle boundary region.
Importantly, the MORB source is the driest of geochemically identifiable mantle reservoirs; all others are more enriched in H 2 O . Estimates for the volume of this relatively dry, depleted source of MORB range from 25% to 90% ( Jacobsen & Wasserburg 1979 , Hofmann 1997 . The OIB source region, consisting of a range of reservoirs with distinct isotopic characteristics reflecting contributions from recycled and/or primitive materials (Hofmann 1997) , could constitute much of the rest of the mantle. It is possible that parts of the mantle are not sampled by any oceanic basalts, but these are generally thought to represent a relatively small volume restricted to the core-mantle boundary (Blichert-Toft & Albarede 1997 , Rudnick et al. 2000 , Tolstikhin & Hofmann 2005 .
If all major reservoirs in the mantle are sampled by oceanic basalts, the total mass of H 2 O in the mantle depends on the relative proportions of MORB and OIB sources, with larger OIB reservoirs corresponding to more total H 2 O storage. For 25% MORB source with 50-200 ppm H 2 O and 75% OIB source with 300-1000 ppm H 2 O, the total H 2 O in the mantle amounts to 1.5 ± 0.8 oceans. For an intermediate case with 75% MORB source and 25% OIB source (Kellogg et al. 1999) , total H 2 O storage equals 0.7 ± 0.4 oceans, and for an extreme dry case, with 90% MORB source and 10% OIB source, storage equals 0.5 ± 0.3 oceans.
A critical question is which, if any, of these possibilities is consistent with mineral physics and petrologic constraints on H 2 O storage capacity as a function of depth in the mantle. H 2 O storage capacity is the maximum H 2 O that a mineral or an assemblage of minerals can accommodate in their structures without saturating in an H 2 O-rich fluid or hydrous melt (Hirschmann et al. 2005) . In the following sections, we discuss some of the constraints on H 2 O storage capacities in the principal layers of the mantle and their relationship to melting, H 2 O fluxes between the layers, and between the mantle and the exosphere.
THE UPPER MANTLE
The H 2 O storage capacity of olivine, the principal phase in the upper mantle, is perhaps better characterized than that of any other mantle phase, although important uncertainties remain. The pioneering work of Kohlstedt & coworkers (Bai & SIMS: secondary ion mass spectrometry Kohlstedt 1993 showed that olivine storage capacity increases greatly with H 2 O fugacity and consequently with depth, from ∼25 ppm at 10 km depth to ∼1300 ppm at 410 km. Recent reevaluation of analytical techniques for H 2 O analysis in olivine has led to an upward revision of these values by a factor of 3 to 3.5 , Koga et al. 2003 , meaning that the storage capacity of olivine at 410 km approaches 0.4 wt.%. This accords with more recent detailed infrared and secondary ion mass spectrometry (SIMS) analyses (Chen et al. 2002 , Smyth et al. 2005 . Storage capacities for pyroxenes and garnet are less well-known than for olivine, but at low pressure the capacity of pyroxene to store H 2 O greatly exceeds that of olivine, meaning that it is the principal host of H 2 O in the upper mantle (Aubaud et al. 2004 ). This may or may not be the case at greater depth, but if it is, the storage capacity at the base of the upper mantle could approach 1 wt.% (Hirschmann et al. 2005) . Importantly, these storage capacities derive from relatively low temperatures (1000
• C-1250
• C), and may not be directly applicable to the actual mantle geotherm. We return to this subject below.
Where the upper mantle H 2 O content exceeds the local storage capacity, hydrous melting results. This occurs in basalt source regions of the shallow mantle (Hirth & Kohlstedt 1996 , Asimow et al. 2004 , Aubaud et al. 2004 ) and possibly at the bottom of the upper mantle, if H 2 O-rich material is advected from the transition zone (Young et al. 1993 , Kawamoto et al. 1996 , Litasov & Ohtani 2002 , Bercovici & Karato 2003 . Melting at the top of the upper mantle governs the flux of H 2 O from the mantle to the exosphere and likely forms dry stiff lithospheric plates (Hirth & Kohlstedt 1996) . Melting at the bottom of the upper mantle may govern the flux of H 2 O to the upper mantle (Bercovici & Karato 2003) , thereby modulating its geochemical and rheological properties.
Effect of H 2 O on Melting in Basalt Source Regions
The now classic work of Hirth & Kohlstedt (1996) first alerted the Earth science community to the profound influence of small amounts of H 2 O on the melting regime beneath oceanic ridges. Subsequent studies have considered the relevance of this critical process to lateral variations in mantle viscosity (Dixon et al. 2004) , the origin of the low velocity zone (Karato & Jung 1998) , the pattern of flow and melting beneath ridge-centered hotspots (Ito et al. 1999) , the major and trace element compositions of MORB (Asimow & Langmuir 2003 , Asimow et al. 2004 , and the survival of continental and oceanic lithosphere in convecting mantle (Lee et al. 2005) . However, as Hirth & Kohlstedt (1996) made clear, their parameterization of the effect of small amounts of H 2 O on mantle melting was an estimate based on incomplete experimental constraints.
A major difficulty is that direct experimental determinations of the effect of small amounts of H 2 O on mantle melting are infeasible. The tiny amounts of melt (<0.1 wt.%) generated by 50-200 ppm H 2 O are difficult or impossible to detect in the laboratory. Instead, we must rely on theoretical or empirical models to understand this critical process. These in turn depend on experimental measurements of the behavior of H 2 O in partial melts and residual minerals found in peridotite. One key constraint provide constraints for several proposed dehydration melting models (Hirth & Kohlstedt 1996 , Katz et al. 2003 , Aubaud et al. 2004 (Koga et al. 2003 , Aubaud et al. 2004 , Hauri et al. 2004 C. Aubaud, unpublished data) are restricted to a relatively narrow pressure range (chiefly 1-2 GPa), and are summarized in of ∼0.009, a value similar to that inferred from H 2 O/Ce ratios of basalts (see above). Available data do not suggest a strong pressure dependence to the mineral partition coefficients (Figure 2 ), although they do indicate an important role for pyroxene composition (Aubaud et al. 2004) . However, it is important to emphasize that hydrous melting of peridotite beneath oceanic ridges and oceanic islands likely commences at 50-200 km, corresponding to pressures of 2-7 GPa, and so, experimental determinations at higher pressure are needed.
A thermodynamic approach to the effect of H 2 O on mantle melting begins with examining H 2 O storage capacity in olivine and H 2 O solubility in silicate melts. Bai & Kohlstedt (1993) and Kohlstedt et al. (1996) should increase with increasing pressure and with increasing H 2 O concentration (Asimow et al. 2004) . However, such pressure or concentration dependences are not evident in the limited available experimental partition coefficient data (Figure 2 ). They may emerge as the number of partition coefficient determinations increase.
The thermodynamic properties of H 2 O in silicate melts become highly uncertain above ∼1 GPa owing to the lack of available experimental constraints. Constraints are derived chiefly from solubility experiments at pressures <1 GPa. Based on equilibrium between water-rich fluid and hydrous silicate melt, H 2 O melt ⇔ H 2 O fluid , the chemical potential of H 2 O in the melt is equated with the known chemical potential of pure H 2 O at a given temperature and pressure (e.g., Pitzer & Sterner 1994 , Zhang & Duan 2005 and related to the concentration of H 2 O (or its dissociated species) measured in quenched glass. However, with increasing pressure, increasing mutual solubility of H 2 O and silicate makes such measurements intractable. Concentrations of H 2 O cannot be measured accurately in the silicate liquids, which do not quench to glasses. At the same time, there are few constraints on the thermodynamic properties of soluterich H 2 O-rich fluids. Thus, the data and models needed to extend thermodynamic treatment of the behavior of H 2 O during mantle melting to higher pressures are largely unavailable. Significant breakthroughs in experimental measurements and thermodynamic models are needed.
One rather crude way to estimate the effect of H 2 O on mantle melting is the cryoscopic calculation of Hirschmann et al. (1999) , whereby the freezing point depression caused by ideal dilutent (in this case H 2 O) can be approximated as
where T fusion peridotite and H fusion peridotite are the melting temperature and enthalpy of fusion of dry peridotite at the pressure of interest, R is the gas constant, and X melt OH − is the mole fraction of OH − in the melt. For a given concentration of H 2 O in a bulk rock and a given mineral/melt partition coefficient, the concentration of H 2 O in the melt C melt H 2 O can be estimated at the solidus (F = 0) from the batch melting relation: 
1/T (K)
Temperature ( Although this approach has the virtue of simplicity, it also has a number of limitations. First, it neglects possible nonideal mixing between H 2 O and silicate. Second, it requires an estimate for the enthalpy of fusion under the conditions of interest. Third, because it employs a simple partition coefficient, it is limited to melt H 2 O concentrations where Henry's Law applies. Fourth, it requires a method for converting the mass fractions given by the batch melting equation to mole fractions of the hydrous melt component. This requires assumptions (or independent constraints) about hydrogen speciation (hydroxyl in the case of Equation 1) as well as estimates of the molecular weights of the silicate components. Following Burnham (1975) , Aubaud et al. (2004) calculated these by assuming an eight-oxygen molecular unit. Aubaud et al. (2004) applied the cryoscopic approach to estimation of the effect of H 2 O on melting of peridotite. The results (Figure 3) indicate that 50-200 ppm H 2 O incite incipient melting just 5-20 km below the dry solidus. This result contrasts with the calculation of Asimow et al. (2004) and Hirth & Kohlstedt (1996) , who surmised 20 and 55 km solidus depression for 50 and 150 ppm H 2 O, respectively. The difference lies partly in upward revisions in the storage capacity of olivine (e.g., Bell et al. 2003) , but also may be related to differences in assumed enthalpy of fusion or to differences in assumed structure and speciation of silicate liquids. At this time, it is difficult to be sure which calculation is more accurate, although other things being equal, the upwardly revised storage capacity in olivine would certainly diminish the estimates of Hirth & Kohlstedt (1996) and Asimow & Langmuir (2003) .
When applied to melting beneath oceanic islands, the cryoscopic calculation predicts initial melting depths (170-230 km) that are significantly deeper than the intersection with the dry peridotite solidus (Figure 4) . The much larger effect of H 2 O beneath OIB source regions compared to MORB sources is partly due to the greater H 2 O concentrations (300-1000 ppm) and partly due to the steepening P-T slope of the solidus with increasing pressure.
One way to test the strengths and weaknesses of the cryoscopic estimation of solidus depression is to compare the calculation to well-established melting relationships in simple systems. In Figure 5 , we apply the cryoscopic model to the effect of melting on pure forsterite at 1 GPa, as established from experiments (Hodges 1974) . The model predicts the location of the solidus to within ± 40
• C for 0-10 wt.% H 2 O, but diverges at greater H 2 O contents. This divergence is the natural consequence of the breaking down of Henry's Law. If similar limits apply to partial melting of peridotite, then the calculation should yield reasonable results for bulk compositions with up to 1000 ppm H 2 O (i.e., for a bulk partition coefficient of 0.009, up to 11 wt.% H 2 O in the near-solidus partial melt). Recently, three intriguing hypotheses have been advanced, all arguing that MORB-source upper mantle is a residue of partial melting, but each postulating that the melting occurs in distinct geodynamic environments (Figure 1) . Bercovici & Karato (2003) suggested that partial melting of H 2 O-rich material advected through the 410 km discontinuity leaves a residue with an H 2 O content similar to the average upper mantle. Hirth & Kohlstedt (2003) proposed that typical upper mantle H 2 O inventories may be the residues of hydrous melting in mantle wedges beneath volcanic arcs. Finally, Phipps Morgan & Morgan (1999) considered formation of the depleted MORB-source mantle as the residue of partial melting of plumes beneath oceanic islands. Phipps Morgan & Morgan (1999) did not focus specifically on H 2 O, but their hypothesis also implies that the H 2 O content of the MORB-source mantle is a residue of partial melting.
Origin of the upper mantle by partial melting at 410 km. Several have suggested that the large contrast in storage capacity between the transition zone and overlying upper mantle could lead to partial melting of material advecting across the 410 km discontinuity (Young et al. 1993 , Kawamoto et al. 1996 , Litasov & Ohtani 2002 , Bercovici & Karato 2003 . Irrespective of the fate of the melts, the residues of such melting are delivered to the upper mantle with the H 2 O retained by upper mantle minerals (olivine, pyroxene, garnet) residual from the melting process. These residues are therefore a potential source of upper mantle H 2 O. Although this process could be restricted to localized H 2 O-rich upwellings, Bercovici & Karato (2003) propose that it may be a global feature, with melts eventually returning to an H 2 O-rich transition zone and the residual solids advected to upper mantle, constituting a principal source of the depleted upper mantle, and hence, of its H 2 O.
A critical prediction of this hypothesis is that the H 2 O concentration in the upper mantle should be equal to that left in the upper mantle residue following melting. Hirschmann et al. (2005) argued that the storage capacity of the upper mantle assemblage at 400 km may be >0.4 wt.%. The reasoning is based partly on revised estimates of the storage capacity of olivine at these pressures, which is in the range of 0.3-0.8 wt.% at 1100
• C , with the revisions of Bell et al. 2003; Chen et al. 2002; Smyth et al. 2005 ) and partly on observations of high storage capacity in pyroxene relative to that of olivine (Aubaud et al. 2004 , Hauri et al. 2004 . However, it is important to note that the upper mantle above the 410 km discontinuity is ∼1500
• C-1600
• C (Ita & Stixrude 1993) , and the storage capacities of upper mantle minerals are not well-known at these temperatures.
At high pressure, the fluid coexisting with silicate minerals becomes increasingly melt-like with increasing temperature (Stalder et al. 2001 , Mibe et al. 2002 , Kessel et al. 2005 ). The consequent reduction in H 2 O concentration reduces the H 2 O fugacity, which in turn diminishes the storage capacity of the mineral. This effect has now been well documented for Mg 2 SiO 4 wadsleyite , Demouchy et al. 2005 , for which storage capacity declines significantly above 1200
• C (Figure 5) . (Note however, that a similar trend is not evident from existing studies of (Mg, Fe) 2 SiO 4 wadsleyite, Hirschmann et al. 2005 ). An analogous drop should occur in olivine, and if a similar temperature dependence applies, then the storage capacity of the upper mantle above 410 km could be as low as 1000 ppm. This should be considered a minimum, as it is likely that the pyroxene portion of the upper mantle assemblage sequesters considerably more than 1000 ppm (Inoue et al. 1995 , Stalder & Skogby 2002 , Yamada et al. 2004 . But the principal point is that it is unlikely that the decrease in storage capacity with temperature owing to changing fluid composition is much more pronounced for olivine than for wadsleyite, as would be required if the 50-200 ppm H 2 O in the upper mantle were a residue of partial melting at 410 km.
A key auxiliary hypothesis associated with the transition zone water filter model is the behavior of plumes as they cross the 410 km discontinuity. Bercovici & Karato (2003) recognized that unlike MORB, OIB are not depleted in highly incompatible elements or in H 2 O. Therefore, they hypothesized that plumes may be able to pass through the 410 km discontinuity without undergoing melting because the hotter plume material would have a higher H 2 O storage capacity in the upper mantle than material advecting along a ridge geotherm. In other words, this hypothesis requires that the increase in olivine storage capacity with temperature evident from low temperature (<1250
• C) data ( Figure 5 ) continue up to temperatures applicable to plume geotherms at 410 km (∼1800
• C). Such a relationship would be very surprising, given the strong likelihood of hydrous melting under these conditions. However, if this relationship were to hold, it would be even more difficult to explain how water-filter melting leaves residues with 50-200 H 2 O along ridge geotherms. Consequently, it seems improbable that the H 2 O in the upper mantle is principally a residue of melting at 410 km. On the other hand, the residue from partial melting at 410 km may plausibly have H 2 O concentrations (∼1000 ppm) similar to H 2 O-rich OIB source regions [or possibly those of kimberlites (Kawamoto et al. 1996) ], suggesting that there may be melting of hydrous material in local upwellings across the 410 km boundary.
Do hydrous melts percolate up or down?
A key consideration regarding the fate of hydrous melts in the deep mantle and their impact on mantle geochemistry and dynamics is whether the partial melts are negatively or positively buoyant relative to their matrix. For example, the transition zone water filter model of Bercovici & Karato (2003) postulates that hydrous melts formed above 410 km are negatively buoyant and consequently drain back into the transition zone. In addition, as discussed below, hydrous melts forming from regions downwelling in the lower mantle may conceivably percolate upward and get deposited in the transition zone or percolate downward and collect in the core-mantle boundary region.
Experimental investigations show that there are several circumstances in which liquidus minerals float in the liquids from which they precipitate, and these may be applicable to formation of perched layers during magma ocean solidification (e.g., Ohtani et al. 1995 , Agee 1998 . However, the buoyancy of small-degree hydrous melts relative to their matrices is a different question. Olivine floatation occurs near the liquidus of peridotite at pressures (∼12-13 GPa) corresponding to the bottom of the upper mantle. Other conditions being equal, hydrous silicate melts should be less dense than anhydrous equivalents owing to the relatively high partial molar volume of H 2 O (Ochs & Lange 1999) . But melts have greater thermal expansion than minerals, so the increase in volume associated with H 2 O may be offset by the much lower temperatures relevant to near-solidus conditions compared with near-liquidus conditions (Bercovici & Karato 2003 ). However, negative melt buoyancy near the solidus requires that the hydrous melt be denser than peridotite, rather than simply olivine. Peridotite at 400 km consists of ∼28% garnet and 12% clinopyroxene (Irifune & Isshiki 1998) , and both of these phases are denser than olivine. Also, near-solidus minerals are richer in Fe and therefore denser than those precipitating at the liquidus. This may be partially offset if the near-solidus melts are also Fe-rich, but melt density may be influenced more by the low-density hydrous component. Thus, at the base of the upper mantle, olivine with 95%-97% forsterite content and density of ∼3300 kg/m 3 can float in liquid peridotite (e.g., Agee 1998), but it seems much less likely that small-degree hydrous partial melts will be negatively buoyant in solid peridotite with a density of ∼3600 kg/m 3 (Ita & Stixrude 1993) .
Origin of the upper mantle in mantle wedges. The volume of mantle processed through mantle wedges through geologic time is poorly constrained. It depends on the dynamics of the wedges, which in turn depends on the rheological effects of temperature and fluid on peridotite as well as the amount of viscous coupling between the wedges and the underlying subducting slabs, all topics of current research (Hirth & Kohlstedt 2003 , Kelemen et al. 2003 , van Keken 2003 . However, if mantle wedges are dragged down to the deeper mantle at rates comparable to those of their underlying subducting slabs, and if the region dragged down has a thickness in the range of 10-100 km, then fossil mantle wedges comprise a volume within an order of magnitude of subducted lithosphere and are therefore a sizable fraction of the mantle. Hydrous magmas characteristic of arc volcanism typically have 2-6 wt.% H 2 O (Roggensack et al. 1997 , Cervantes & Wallace 2002 , Grove et al. 2002 . If the bulk peridotite/melt partition coefficient (0.009) determined by Aubaud et al. (2004) applies, then the peridotite residua in equilibrium with these melts have between 180 and 540 ppm H 2 O. The lower of these values lies at the high end of estimates (50-200 ppm) for the H 2 O concentrations in the MORB source, so if relatively dry (2 wt.%) magmas are volumetrically predominant in arcs, then wedge residues could be plausible sources of upper mantle. Alternatively, the 2% H 2 O may be representative of the last magmas to separate from mantle wedges during a dynamic melting process.
Although the residues of mantle wedges may potentially have H 2 O contents similar to the typical upper mantle, it seems unlikely that the geochemical features of mantle wedges are appropriate for the principal sources of MORB. Arc lavas have characteristic enrichments in fluid-mobile elements such as Sr and Pb, as well as depletions in high field-strength elements, which are not present in MORB, and at least some of these features are likely to be present in mantle wedge residues. In particular, compared with typical upper mantle or other oceanic basalt source regions that have H 2 O/Ce in the range of 100-250 (e.g., Dixon et al. 2002) , H 2 O/Ce ratios of arc and back-arc lavas are extraordinarily high (350-10,000) (Sobolev & Danyushevsky 1994 , Danyushevsky et al. 1995 , Cervantes & Wallace 2002 , Walker et al. 2003 low-melting-point fraction of heterogeneous upwelling plumes, and that MORB represent further melting of the residua of these sources. In this model, the average amount of melting beneath oceanic islands is 1%-4%, although the more fertile portions of the plume melt more and the more refractory portions melt less. For a typical plume source composition of 300-750 ppm (Dixon et al. 1997 , Dixon & Clague 2001 , Jamtveit et al. 2001 , Hauri 2002 , which produces residues with 50-400 ppm H 2 O, assuming batch melting and D perid/melt H 2 O = 0.009 (Aubaud et al. 2004 , Hauri et al. 2004 , although residue concentrations could be far less if melt were removed dynamically during melting. Under some circumstances, this model may be capable of producing a residual upper mantle with appropriate H 2 O concentrations. On the other hand, this model may have certain shortcomings. For example, it requires that the flux of plume material into the upper mantle be similar to the flux of upper mantle material participating in lithosphere formation at ridges. The buoyancy flux of plumes is generally thought to be an order of magnitude less than the flux of mantle beneath ridges (Sleep 1990) . Also, the Phipps Morgan & Morgan hypothesis may not be consistent with either the absolute or relative abundances in noble gases in MORB (Porcelli & Ballentine 2002) .
In summary, it is unlikely that the H 2 O in the upper mantle represents the residue of melting at 410 km because residues should have much more H 2 O than observed in the upper mantle. Partial melting in mantle wedges above subduction zones may yield residues with H 2 O concentrations appropriate for the average upper mantle, but other geochemical characteristics of mantle wedges are distinct. The residue of small-degree melting of plumes may have H 2 O concentrations that match the average upper mantle, but other problems with this model remain to be resolved.
If none of the melting residue models for the origin of the upper mantle are wholly satisfactory, then it seems likely that the upper mantle and its characteristic H 2 O concentration derives from a blend of sources, some of which may include contributions from localized melting at 410 km, fossil mantle wedges, or recently depleted plumes. Models based on trace element and isotope geochemistry generally consider the upper mantle to be a mixture of depleted and enriched components, where the former are chiefly the residue from earlier crust formation events and the latter derive either from recycled crust or more primitive sources (Hofmann 1997 , Helffrich & Wood 2001 , Campbell 2002 ).
THE TRANSITION ZONE: A POTENTIAL SPONGE
Subduction may deliver considerable H 2 O to great depths, potentially allowing formation of a H 2 O-enriched shell in the transition zone, where minerals have very large storage capacities. Although subducted oceanic crust is effectively dehydrated before it reaches the transition zone (Schmidt & Poli 1998) , subducted peridotite may potentially carry H 2 O deeper than 410 km, particularly along cold geotherms that might apply to fast subduction of older oceanic lithosphere (Kawamoto et al. 1996 , Schmidt & Poli 1998 , Ohtani et al. 2004 . The amount of H 2 O delivered to such depths is unknown, in part because the hydration state of subducting peridotite DHMS: dense hydrous magnesium silicate is poorly constrained. Penetration of H 2 O to considerable depths in the slab may occur along extensional faults at the so-called outer-rise, which results from plate flexure outboard of oceanic trenches (Peacock 2001 , Rüpke et al. 2004 ). Intermediate depth earthquakes in the mantle section of downgoing slabs may signal partial dehydration of hydrous phases (Peacock 2001) , but phase equilibria studies suggest that the downgoing peridotite remains partly hydrated so long as the geotherm remains colder than the so-called choke point that marks the intersection of the highpressure limit of serpentine stability with the low-pressure limit of Phase A, a dense hydrous magnesium silicate (DHMS) (Schmidt & Poli 1998) . Although many slabs subduct along geotherms that are hotter than this, some proportion of subduction is likely to have occurred along cold geotherms through much or all of the past few billion years. Even in the absence of subduction of H 2 O to great depth, the transition zone may have gained significant H 2 O by upward percolation of hydrous melts from the lower mantle. This possibility is considered in greater detail in The Lower Mantle: A Desert in the Mantle, below.
Water delivered to the transition zone can be stored in high-pressure polymorphs of olivine, wadsleyite, and ringwoodite, which have enormous H 2 O storage capacities , Smyth et al. 1997 . It has been speculated that the H 2 O sequestered in the transition zone rivals that of the oceans (Smyth 1994 , Bercovici & Karato 2003 , Ohtani et al. 2004 ). On the other hand, the upper boundary of the transition zone at 410 km is not known to be a barrier to convection, so advection across the 410 km discontinuity, either from focused plume-like upwellings or from pervasive passive upwellings required by formation and subduction of oceanic lithosphere, may remix subducted H 2 O into the upper mantle, preventing enhanced concentration of H 2 O in the transition zone (Richard et al. 2002) . But such mixing on a large scale does not preclude significant heterogeneities on a smaller scale, and subduction of H 2 O may produce local H 2 O-rich regions in the transition zone.
Because large H 2 O contents have considerable effects on physical properties, H 2 O enrichments in the transition zone may be detectable from observable geophysical properties, such as electrical conductivity or the character of seismic discontinuities (Wood 1995). Huang et al. (2005) presented electrical conductivity measurements of wadsleyite and ringwoodite for a range of H 2 O contents and compared those with conductivity profiles for the mantle in the north Pacific. They found closest matches for wadsleyite and ringwoodite with ∼0.1-0.2 wt.% H 2 O, which supports the view of a modestly hydrous transition zone. However, conductivity of these phases depends critically on oxygen fugacity. Huang et al. (2005) posit that the conditions in the transition zone are quite oxidizing and near the Ni-NiO buffer. Because their experiments were reduced owing to the presence of metallic Mo, they corrected their experimental measurements accordingly. However, contemporary estimates of transition zone oxidation state indicate fugacities similar to or more reduced than Mo-MoO 2 (O'Neill et al. 1993 , McCammon 2005 . Consequently, the experiments of Huang et al. (2005) may be applied to the transition zone without correction for oxygen fugacity, in which case the H 2 O concentrations required to match the conductivity measurements would not be markedly different from typical upper mantle values.
THE LOWER MANTLE: A DESERT IN THE MANTLE
The H 2 O storage capacity of the lower mantle is uncertain and a source of recent controversy. Murakami et al. (2002) and reported storage capacities in the principal lower mantle phases, aluminous Mg-perovskite, Ca-perovskite, and ferropericlase, of up to 1500-2000, 4000, and 2000 ppm H 2 O, respectively, at 1400
• C-1650
• C and 25.5 GPa. If accurate, these results suggest that the lower mantle can store more than three oceans of H 2 O. In contrast, Bolfan-Casanova et al. (2000 , 2003 found <10 ppm H 2 O in aluminous Mg-perovskite at 1400
• C and 24 GPa, and <20 ppm in ferropericlase at 1200
• C and 25 GPa. If these low storage capacities are correct, the lower mantle is much drier than the upper mantle, and the total storage of H 2 O in the lower mantle is limited to less than 3% of Earth's oceans.
These large discrepancies highlight the great challenges in performing hydrous experiments at extreme pressures and temperatures and in analyzing small concentrations of H 2 O in the tiny crystals that result from these experiments. Erroneously high H 2 O concentrations may be inferred if microbeam or spectroscopic analyses inadvertently include contributions from H 2 O-rich fluids, grain boundaries, or hydrous mineral inclusions. Indeed, Bolfan-Casanova et al. (2003) Murakami et al. (2002) and to infer exaggerated H 2 O concentrations for perovskite. K. Litasov (personal communication, December, 2004) affirms that hydrous inclusions likely biased the analyses of . These experiments were conducted up to 1600
• C, more than 200
• C hotter than the likely stability limit of superhydrous B (see below), but the inclusions could have persisted metastably.
Experimental difficulties may also lead to spurious low storage capacities if fluid saturation was not maintained during the experiment. Bolfan-Casanova et al. (2000 , 2003 do not report that perovskite in their experiments coexisted with an H 2 O-rich fluid. On the other hand, they do report fluid present at the end of their ferropericlase storage capacity experiments (Bolfan-Casanova et al. 2002) . This suggests that the storage capacity for perovskite is also small, as experiments with coexisting ferropericlase and (Mg, Fe)SiO 3 perovskite show that H 2 O partitions preferentially into the former (Bolfan-Casanova et al. 2000) . Unfortunately similar data for coexisting ferropericlase and aluminous perovskite are not available. Also, the observation of superhydrous B inclusions in nearly dry aluminous perovskite in the experiments of Bolfan-Casanova et al. (2003) suggests high H 2 O fugacities. More experiments are required to resolve the discrepancies in this crucial problem, but for the present time, it seems more likely that the storage capacities of the principal lower mantle minerals, aluminous magnesioperovskite and ferropericlase, are very low.
Much of what is known about H 2 O storage capacity in lower mantle minerals (e.g., Bolfan-Casanova et al. 2000 , 2003 Murakami et al. 2002; ) is restricted to pressures corresponding to the uppermost ∼100 km of the lower mantle. Thus, it has been speculated that storage capacity properties could increase at much higher pressures (Navrotsky 1999) . On the other hand, defect concentrations in aluminous, Fe 3+ -bearing Mg-perovskite in equilibrium with ferropericlase diminish with increasing pressure (Walter et al. 2004) (Shieh et al. 1998) . Superhydrous B decomposes above ∼30 GPa (Shieh et al. 1998 . However, the stability of these phases (in natural peridotite as well as in simple synthetic systems) appears to be restricted to temperatures below 1300
• C-1400
• C (Frost 1999 , Kawamoto et al. 2004 . This is ∼300
• C cooler than the mantle adiabat, meaning that these DHMS are likely restricted to colder geotherms characteristic of recent subduction.
It has been suggested that DHMS may be stabilized to high temperature by fluorine substitution (Williams & Hemley 2001 , Larsen et al. 2003 . However, the abundance of fluorine in the mantle is quite low-the depleted upper mantle contains 11 ± 5 ppm (Salters & Stracke 2004) . Therefore, to accommodate a significant fraction of the 50-200 ppm H 2 O of typical depleted mantle, DHMS with F/H 2 O ratios <0.2 would have to be stable along the convective geotherm. Less depleted regions of the mantle may have more F; i.e., similar to the 25 ppm F in the bulk silicate Earth (McDonough & Sun 1995) , but these are presumably much richer in H 2 O .
Melting in Lower Mantle Downwellings
Possibly very low H 2 O storage capacities in lower mantle assemblages suggest that rocks descending from the transition zone may release partial melt. Material brought downward through the 670 km discontinuity in subducted slabs may sequester H 2 O in superhydrous B or phase D, perhaps to depths of 1250 km (44 GPa) (Shieh et al. 1998 , but if no other host of H 2 O is stabilized at those depths, then melting must result.
Importantly, hydrous melting in lower mantle downwellings may not require transport of H 2 O-rich phases in subducting slabs. The apparently very low storage capacity of nominally anhydrous lower mantle minerals indicates that they are incapable of storing even normal upper mantle concentrations of H 2 O (50-200 ppm). Stability of DHMS along subduction geotherms through the upper mantle and transition zone may enhance delivery of H 2 O to the lower mantle and thereby enhance melting. Stability of DHMS below the 670 km discontinuity may delay this melting to significant depths, but the likelihood of such melting is not predicated on the transport of H 2 O-rich material through the 670 km discontinuity.
If such melts are positively buoyant, they percolate upward through the 670 km discontinuity and solidify in the transition zone (Bercovici & Karato 2003) . If such melts are negatively buoyant, they may percolate downward, concentrating H 2 O in the core-mantle boundary (D") region. Such H 2 O could be effectively trapped in D", as plumes ascending from D" through the lower mantle may not be able to carry H 2 O either in minerals (which could have low storage capacity) or in melts (which may be negatively buoyant and percolate back down to D"). This rather speculative combination of circumstances could imply that a large portion of Earth's H 2 O remains sequestered at D", perhaps accounting for the widespread partially molten regions there (Revenaugh & Meyer 1997) .
The possibility of very low H 2 O storage capacity in the lower mantle raises some critical questions about geochemical reservoirs in the mantle. First, where do the H 2 O-rich sources of OIB reside? A dry lower mantle may imply that plumes are chiefly shallow features, originating from the upper mantle or the transition zone. Alternatively, they may originate deep and entrain H 2 O-rich components from more shallow depths, but this would raise the question as to why the dry lower-mantle component of plumes is not evident in OIB geochemistry.
Additionally, if the lower mantle really is drier than the MORB source, H 2 O in the upper mantle must come from shallow sources, such as subducting slabs, mantle wedges, or the transition zone, and the MORB source would be a mixture made in the upper mantle, but potentially incorporating lower mantle components. This may be difficult to reconcile with geochemical models that require the MORB geochemical reservoir to constitute the majority of the mantle.
CONCLUDING REMARKS: FREEBOARD AND THE MANTLE H 2 O BUDGET
One of the key features of Earth's surface geology is the near constancy of continental freeboard through geologic time (Wise 1974) . Although the geologic record provides extensive evidence for eustatic sea level changes, these changes over the past 3 Ga [and perhaps 4 Ga (Eriksson 1999) ] are small relative to the total volume of the ocean basins; i.e., a few hundred meters compared to an average ocean depth of 4 km. This reflects a steady budget of surface H 2 O relative to H 2 O stored in the mantle, which is particularly interesting considering that the H 2 O in the oceans could be a modest fraction of the total terrestrial H 2 O budget. Evidently, the proportions of H 2 O stored in Earth's interior and present in the exosphere were established relatively early in Earth history and have changed little since. On the other hand, the rate of subduction of H 2 O is sufficient to desiccate the oceans in 1-2 Ga (Ito et al. 1983) . Thus, the fluxes of H 2 O into the deep mantle must be closely in balance with degassing at ridges and regassing at subduction zones (McGovern & Schubert 1989 , Rüpke et al. 2004 .
The near-steady-state balance between exosphere and interior H 2 O reservoirs means that it is unlikely that there have been large changes in the hydration state of the various subreservoirs of the mantle. For example, the rate of H 2 O degassing at ridges is proportional to the average H 2 O concentration in the upper mantle, which therefore must not have experienced significant secular increases or decreases over the past 3-4 Ga. If, as suggested above, the upper mantle is a heavily processed reservoir derived from a complex blend of sources, then its recipe must have been established early in Earth history. Also, if one posits that the transition zone contains a significant fraction of Earth's H 2 O, then either this must have been true through much of Earth history or the hydration of the transition zone has occurred at the expense of other mantle reservoirs and not from the oceans. In this context, models in which the transition zone becomes hydrous by subduction of H 2 O (Kawamoto et al. 1996 , Bercovici & Karato 2003 , Ohtani et al. 2004 ) may be problematic. Finally, if there is significant H 2 O storage in the D" boundary region, it was either established early in Earth history or has occurred at the expense of other mantle reservoirs. Thus, if negatively buoyant hydrous melts in the lower mantle deliver H 2 O from subducted slabs to D", either the total flux over the past 3-4 Ga has been negligible or upward fluxes in plumes recycle that H 2 O back to the shallower mantle.
